Abstract A quasi-oscillatory multi-centennial mode of open ocean deep convection in the Atlantic sector of the Southern Ocean in the Kiel Climate Model is described. The quasi-periodic occurrence of the deep convection causes variations in regional and global surface air temperature, Southern Hemisphere sea ice coverage, Southern Ocean and North Atlantic sea surface height, the Antarctic Circumpolar Current and the Atlantic Meridional Overturning Circulation (AMOC). The deep convection is stimulated by a strong built-up of heat at mid-depth. When the heat reservoir is virtually depleted a coincidental strong freshening event at the sea surface shuts down the convection. The heat originates from relatively warm deep water formed in the North Atlantic. The several decades lasting recharge process of the heat reservoir depends on the AMOC and the Weddell Gyre and sets a minimum delay for the deep convection to recur. While the strength of the AMOC increases, the Weddell Gyre weakens during the non-convective regime. Convection onset and shutdown also depend on the stochastic occurrence of favorable sea surface conditions, which contributes to the multicentennial period of the phenomenon. The shutdown triggers a century-long deviation in AMOC strength caused by significant reductions in bottom water formation and surface salinity in the Southern Ocean's Atlantic sector.
Introduction
The ocean plays a major role in driving climate variability on decadal to centennial timescales. Due to its much larger heat capacity and dynamical inertia the ocean's memory greatly exceeds that of the atmosphere, making it a flywheel of the climate system. Natural, internal and external, decadal to centennial timescale variability has the potential to mask global warming signals arising from anthropogenic greenhouse gas emissions in observational data records (e.g., Hegerl et al. 2007) . Hence, it is important to understand long-term natural climate variability. Examples are the Atlantic Multidecadal Oscillation/Variability (AMO/ AMV) in the Atlantic (e.g., Delworth et al. 1993; Vellinga and Wu 2004; Knight et al. 2005; Sutton and Hodson 2005) and the Pacific Decadal Oscillation/Variability (PDO/PDV) in the Pacific (e.g., Latif and Barnett 1994; Mantua et al. 1997 ). The reader is referred to for a recent review of decadal to centennial variability. Hasselmann (1976) introduced the concept of the stochastic climate model to describe the interaction between climate subsystems with rather different timescales. This can be considered as a null hypothesis for the generation of internal variability. The stochastic (chaotic) atmospheric variability, for instance, can be often approximated by a white noise process. The ocean, however, integrates the atmospheric variability highlighting the low-frequency variability and giving rise to the characteristic red spectrum of typical ocean quantities such as sea surface temperature (SST). Consequently many model studies have used stochastic atmospheric forcing to drive ocean general circulation models (OGCMs) (e.g., Mikolajewicz and Maier-Reimer 1990) , often because of limited computational resources, hindering the application of coupled general circulation models (CGCMs). The low-frequency oceanic variability may feed back to the atmosphere. The multi-decadal changes in Atlantic hurricane activity and Sahel rainfall are prominent examples of ocean forcing (Zhang and Delworth 2006) .
About half a century ago Stommel (1961) showed by means of a two-box model that the global ocean thermohaline circulation can exist in various stable states under identical surface forcing. Even modest random fluctuations of the buoyancy flux can lead to strong variability in such a situation. About a quarter century ago Bryan (1986) confirmed the existence of multiple equilibria with a more complex model. He found two stable states of the thermohaline circulation in simulations with an OGCM with idealized geometry under identical forcing: a symmetric state with convection in both hemispheres and an asymmetric state with convection in only one hemisphere depending on the initial salinity field in the high latitudes.
Again other studies showed that self-sustained oscillations between states of active and inactive convection are possible in OGCMs of diverse complexity. The oscillations are associated with the ocean's sensitivity to the surface freshwater flux (e.g., Winton and Sarachik 1993; Drijfhout et al. 1996) . However, these studies did not consider the potentially important role of sea ice, which is found to make an impact here. Mikolajewicz and Maier-Reimer (1990) applying stochastic freshwater forcing to an OGCM with interactive sea ice and realistic geometry described an oscillation of the thermohaline circulation with a period of 320 years. Pierce et al. (1995) described in detail the mechanism: the accumulation of warm water at mid-depth causes a destabilization of the water column, which activates the convection, whereas the slow formation of a freshwater cap at the ocean surface stalls the convection.
However, these early studies were limited, because the model integrations were conducted in uncoupled mode. Park and Latif (2008) found strong variability of the Atlantic Meridional Overturning Circulation (AMOC) on decadal to centennial timescales in a multi-millennial control integration of the fully coupled Kiel Climate Model (KCM). They showed that the multi-centennial variability (MCV) exhibits highly nonlinear behavior and is controlled by processes on the Southern Hemisphere, specifically in the Weddell Sea. Park and Latif (2008) also reported a strong correlation between the centennial variability of the AMOC and the sea ice extent in the Weddell Sea region. Furthermore, surface air temperature (SAT) not only over the Southern Hemisphere but also over large parts of the Northern Hemisphere was shown to be strongly affected by MCV. Here we present a detailed analysis of the multicentennial variability simulated by the KCM, which is shown to be linked to open ocean deep convection in the Southern Ocean.
The Weddell Sea featured one of the most prominent climate events of the twentieth century: the sudden emergence of the Weddell Polynya in the 1970s, an ice-free area of 2-3 9 10 5 km 2 within the ice cover, seen in satellite records of sea ice concentration (Carsey 1980) . The polynya first occurred in the austral winter of 1974 and reemerged in the two following winters. The location and size of the Weddell Polynya derived from Hadley Centre sea ice concentration data (HadISST, Rayner et al. 2003) can be inferred from Fig. 1a (colored lines). The general perception is that this phenomenon was forced by oceanic deep convection (Gordon 1978) , not neglecting the likely important influence of the surface wind (Parkinson 1983 ). The deep convection was triggered by brine rejection from sea ice growth and an anomalously shallow pycnocline, which enabled a tapping of the heat reservoir of the water mass below, leading to extensive sea ice melt (Gordon 1978 (Gordon , 1982 Martinson et al. 1981) . This picture has intriguing similarities to the mechanism described by Pierce et al. (1995) .
Here, we present a slightly different view of this mechanism emphasizing the role of sea ice, in which the quasi-periodic occurrence of oceanic deep convection in the Weddell Sea depends on the state of the Antarctic sea ice cover. We address the following questions. The paper is organized as follows. In Sect. 2, we briefly describe the climate model and the numerical experiments. The results are presented in Sect. 3, in which we describe the mechanism behind the deep convection oscillation answering the first three questions. In Sect. 4, we consider the fourth question and discuss the results from previous model studies and the consistency with observational records.
Model and experiments
We analyze the results obtained from two experiments with the Kiel Climate Model (KCM). The KCM consists of the ECHAM5 atmosphere general circulation model (Roeckner et al. 2003 ) and the NEMO ocean-sea ice model (Madec 2008) . The sea ice model (LIM2) includes ice dynamics and a 3-layer resolution for thermodynamic ice and snow processes (Fichefet and Morales Maqueda 1997) . The ocean and sea ice models run on a Mercator grid of 2°h orizontal resolution, which is increased to 0.5°in meridional direction in the tropics, and with 31 vertical levels. The atmospheric component is run at T31 (*3.75°) resolution with 19 vertical levels. The KCM runs without any kind of flux corrections or anomaly coupling. Park et al. (2009) give a more detailed description of the KCM.
A reference control integration of the KCM (REF) describing ''present day'' climate conditions was available for analysis. The 5,000 years long simulation was initialized with the climatology of Levitus et al. (1998) and forced by constant greenhouse gas concentrations. The atmospheric CO 2 concentration, for instance, amounts to 348 ppmv. As noted above, Park and Latif (2008) found pronounced internal AMOC variability on decadal to centennial timescales in this run. In the following analysis, we shall use only the last 4,200 years of REF in order to reduce the effects of model spin-up. The Antarctic sea ice cover in REF has a long-term annual mean thickness of 0.32 ± 0.44 m, which is considerably less than the observed annual mean thickness of 0.62 ± 0.67 m reported by Worby et al. (2008) .
For this reason, an additional experiment (EXP) was designed to increase ice thickness in the Southern Ocean. The experimental setup of EXP differs from REF in only one parameter: the prescribed thickness of newly formed lead ice. The sea ice model LIM2 partitions the volume of newly formed ice for vertical and lateral ice growth using a simple parameterization depending on the local ice concentration (Fichefet and Morales Maqueda 1997) . To calculate the areal coverage of the newly formed lead ice an initial constant ice thickness h 0 is prescribed. The parameter h 0 amounts to 0.1 m in REF and is increased to 0.6 m in EXP, but only for the Southern Hemisphere. This is motivated by the prevalent occurrence of grease ice in the first stage of sea ice formation in the Antarctic. Grease ice only marginally reduces the oceanic heat loss and thus adds to open water area in the model. Furthermore, 1/h 0 is proportional to the lead closing rate in the model (Hibler and Ackley 1983) . The larger h 0 in EXP yields generally thicker sea ice of 0.69 ± 0.72 m with a maximum increase of 3 m in the Weddell Sea (Fig. 1b) . The ice cover is also slightly more extensive and less compact as in REF during years without deep convection in the Weddell Sea.
In general, the modeled sea ice extent in EXP (red line in Fig. 1b ) compares well to observations (Fig. 1a) . However, a strong retreat of the sea ice cover (hatched areas in Fig. 1b ) occurs regularly in both runs just north of the Fig. 1 
Results
The impact of alternating Southern Ocean convective activity in our two model experiments can be seen, for instance, in total sea ice area (SIA) and spatially averaged sea surface temperature (SST) (Fig. 2) . The most pronounced variations occur quasi-periodically on a centennial timescale. In the reference simulation REF, the sea ice area increases by about 3 9 10 6 km 2 every 300-500 years for a period of 20-80 years (Fig. 2a) . These changes are mostly linked to open ocean deep convection in the Weddell Sea region (55°-75°S, 60°W-15°E). The events in the Weddell Sea dominate similar events in the Amundsen and Bellinghausen Seas (60°-75°S, 130-65°W) and in the East Atlantic-Indian Ocean Basin (65°-50°S, 30°-80°E) in both REF and EXP (Fig. 1b) . The deep convection in the Weddell Sea manifests itself by a mixed layer depth (MLD) of more than 500 m often extending all the way down to the sea floor, i.e. to 5,500 m (Fig. 3 , the solid black lines depict maximum MLD). In contrast, the deep convection events in the Pacific and Indian Ocean Sectors have average depths of only 200 m, rarely exceeding depths of 500 m. We therefore focus here on the Weddell Sea phenomenon.
In REF, the open ocean convection in the Weddell Sea covers an area of 11.6 9 10 5 km 2 . This area is defined as the sum over all joined model grid cells with a MLD exceeding 500 m in a 100-year mean. The convection process is only active during the austral winter months when the surface ocean loses heat to the atmosphere and gains salinity by sea ice formation, both causing buoyancy loss. However, the main trigger of the deep overturning in our simulation is the heat accumulation at mid-depth (*1,000-3,000 m). Brine rejection during sea ice formation may contribute, but it is generally not necessary to trigger the process. When the convection is well established it extends over the entire austral winter from July to October. Because deep convection causes mixing of cold surface waters with warmer (but saltier) waters from middepth its presence is indicated by a strongly increased SST relative to periods without convection. The additional heat quickly melts any sea ice advected into this area and inhibits the formation of new ice. Therefore, the oscillating behavior of the deep convection can be seen in both SIA and SST (Fig. 2a, b) . The difference in SST between periods with and without convection amounts to 1.7°C in the Weddell Sea region.
Time series of SIA and SST from EXP also depict alternations of convective activity (Fig. 2d-f ), but the frequency of occurrence and duration of the deep convection events are opposite to those in REF. In REF, deep convection is the default, and the convection shutdown is the event. In contrast, the state without deep convection is the default in EXP, while deep convection is the event. This difference in behavior is due to the different mean states in the two experiments, with the mean sea ice distributions constraining the deep convection. The thicker and more extensive sea ice cover in EXP effectively inhibits deep convection, yielding a generally cooler Southern Ocean SST (Fig. 2e) . Nevertheless, even with the thicker sea ice in EXP, the heat which accumulates at mid-depth and slowly rises to the surface (Fig. 3) , is eventually able to break the sea ice lid so that deep convection can occur, as described below.
The deep convection oscillation impacts the heat content and the circulation of both the ocean and the atmosphere. Therefore, the oscillation is also seen in a number of quantities outside the deep convection region. An example is the mean SST of the remaining part of the World Ocean north of 50°S (Fig. 2c, f) . describe in more detail the global impacts of the oscillation in the experiment EXP and also discuss them in the context of the recent decadal trends in different regions of the world. Here we concentrate on the mechanism behind the deep convection oscillation.
What triggers the deep convection?
We now describe this mechanism and investigate the differences between REF and EXP in more detail. In general, deep convection is triggered by a destabilization of the water column, which may be initialized by an increase of either the buoyancy of deeper waters or the density at the ocean surface. The important drivers are: a convergence of warm waters at greater depth, an increased heat loss to the atmosphere, changes in the freshwater flux at the surface, and sea ice formation associated with brine rejection. All these processes can of course act together in the same direction or compete with each other.
The temporal evolution of the annual mean vertical temperature profile averaged over the convection region in the Weddell Sea (hatched areas between 40°W and 15°E in Fig. 1b) is depicted in Fig. 3 . We show anomalies of potential temperature with respect to a 100-year mean of active convection. For REF, this mean was obtained by averaging over the years 3,500-3,599 (Fig. 3a) . A composite of the last 33 years of each of the three major convection periods around years 3,800, 4,200, and 4,500 was used for EXP ( Fig. 3b ). As noted above, deep convection prevails in REF, but it happens only sporadically in EXP. While periods of active deep convection are characterized by a homogeneous temperature distribution almost over the entire water column, heat accumulates at mid-depth around 1,500 m whenever there is no convection.
We use the mixed layer depth (MLD), which in KCM is defined as the depth where the potential density difference to the surface exceeds 0.01 kg/m 3 , as an indicator of deep convection. In the following, we refer to the September values, from which we derive a maximum and median value for the convection region. For periods of active convection the median is calculated only from MLDs exceeding 100 m. The maximum MLD depicted by the solid black lines in Fig. 3 marks the rapid transition between the regimes with and without convection. The convection always reaches the seafloor in at least one grid cell. This holds for both REF and EXP. During active convection, temperature is vertically homogeneous and its variability is limited to the top 50-100 m of the water column (Figs. 3, 4) . The variations are caused by the seasonally varying interaction with the atmosphere (not shown). However, when the convection stops, heat starts to accumulate at mid-depth due to the decoupling from air-sea heat exchange with a maximum at about 1,500 m (Fig. 3 ). The heat spreads over time and eventually warms the entire water column below 100 m. In contrast, the top 50 m strongly cool during these years without convection, because these waters still interact with the atmosphere while being separated from the warmer waters below by a sufficiently strong halocline (Fig. 4) . Sea ice is important to the surface cooling, as will be discussed below. The greater median MLD (indicated by dashed black lines in Fig. 3 ) in EXP demonstrates that deep convection is more intense and spatially more focused in EXP than in REF.
Since the mean state of EXP hinders deep convection, the temperature difference between waters at the surface and below the pycnocline is larger in EXP than in REF (Fig. 4) , though the temperature contrast between the two regimes at a given depth is generally smaller in EXP than in REF (Fig. 3) . As a consequence, the deep convection cell is deeper but horizontally less extensive in EXP (not shown). When the median MLD falls below a certain threshold (*1,500 m) due to the depletion of the heat reservoir the convection shuts down in EXP, whereas it is maintained with a shallower mixed layer (*500 m) and less available heat in REF.
How does sea ice influence the deep convection?
The differences in the vertical structure are linked to the fundamentally different sea ice characteristics in the two simulations. Figure 3 includes the mean September sea ice thickness (red line) and concentration (blue) averaged over the convection region. Beginning with REF ( Fig. 3a) , several relationships can be found: First, there is almost no sea ice present within the convection region during the long periods of active deep convection. Second, sea ice thickness and concentration rapidly increase when the deep convection shuts down. However, the mean and maximum ice thicknesses amount to only 0.28 and 0.5 m during these periods, respectively. As soon as heat rises to the surface when deep convection resumes, the ice quickly melts (Fig. 3a) and a very large embayment forms in the sea ice cover between 40°W and 15°E (blue line in Fig. 1b) . Finally, whenever the median MLD reduces to 500 m (white straight line) sea ice concentration increases by 10-20 % and surface waters cool subsequently. Although sea ice is formed in this area when there is no convection, the region acts as a sink of sea ice mass in the annual average.
In contrast, EXP has a typical sea ice thickness of 0.8-1.0 m in this region, which decreases to a mean thickness of 0.26 m during periods of active convection. This latter value is only marginally smaller than the mean thickness under non-convective conditions in REF.
Although some important characteristics of the sea ice cover and the convective activity differ between the two experiments, the main mechanism underlying the quasioscillatory behavior of deep convection is similar. In particular, the accumulation of heat at mid-depth appears to be of great importance in both simulations.
The impact of sea ice on the convection strongly depends on its thickness and compactness. Although the accumulation of heat at mid-depth is the main trigger for the deep convection in the Weddell Sea region, sea ice can have an important moderating effect. In REF, deep convection occurs when the buoyancy of the warm water mass at mid-depth exceeds that of the surface layer. Once the warm water rises to the surface the thin sea ice layer in REF does not provide an effective barrier to keep the ocean from losing heat to the cold winter atmosphere. In fact, the ice may melt within 1 month in a grid cell enabling deep convection. In contrast, sea ice of about 1 m thickness can considerably delay the deep convection, as the results of EXP show.
It is important to note that it is the compactness of the sea ice cover which mainly regulates the heat flux at the air-sea interface. However, the oceanic heat is first transferred into vertical ice melt before a significant reduction in ice concentration occurs. Figure 5 displays the temporal evolution of the sea ice cover and the heat flux during the transition from the non-convective regime to one with convection in EXP. Yet the main results also hold for REF (not shown). The presented time series are based on composites over the entire convection region. We need to account for the different timing of the onset of deep convection in the individual model grid cells, as the deep convection evolves by spreading out from its initial location. Hence, we adjust the time axis of each grid cell so that the convection always starts in year zero.
The presence of a compact sea ice cover with a concentration greater than 0.9 reduces the heat flux from the ocean to the atmosphere by about 75 % compared to loose ice conditions with concentrations less than 0.4. Prior to the onset of deep convection there is a steady decline of the sea ice concentration and thickness (Fig. 5) . When the ice concentration drops below 0.8 the oceanic heat loss drastically increases by about 70 W/m 2 and a rapid transition into the new regime with deep convection takes place.
We also need to consider that the heat content of the upper ocean will be slowly recharged by diffusively rising heat from the temperature maximum at mid-depth. On the contrary, sea ice melt provides freshwater to the ocean surface and offsets the destabilization of the water column from below. Only when the sea ice becomes thin enough to completely melt before the end of the winter season, deep convection can occur in response to the larger direct heat loss from the ocean to the atmosphere. Although not shown here, surface winds that cause divergent ice motion can also influence the timing of the onset of deep convection and enable enhanced heat loss before all ice is melted.
What causes the deep convection to shut down?
We next describe the transition from the convective to the non-convective regime. A shutdown of deep convection may be initiated either by an enhanced freshening at the surface or a heat depletion at mid-depth. Let us consider the shutdown event in REF occurring in year 3,230 (cf. Fig. 3a ) and examine the 75 years before and the 25 years after the shutdown. Figure 6a shows the combined annual cycles of SST and sea surface salinity (SSS) in a T-S diagram for each of these years where the line color indicates progress in time. The dark blue and dark red bold dashed lines depict the mean annual cycle averaged over 10 years for the regime with and without convection, respectively. The annual cycle during the regime with convection is dominated by changes in SST and follows the dashed blue curve counterclockwise. Beginning in September (bold filled circles) the SST warms reaching its maximum in February. The SSS decreases over austral spring and summer, and in fall, SST decreases until deep convection resumes in July, causing an increase in SSS.
In contrast, the annual cycle of the non-convective regime (red) is given by a clockwise trajectory. Sea ice melt in austral spring and early summer causes surface freshening and the SST does not rise before most of the sea ice cover, which inhibits absorption of solar radiation, has disappeared. The cooling in fall is accompanied by sea ice formation, which increases SSS and reduces the heat loss to the atmosphere. The transition between the two regimes happens abruptly within one particular year (orange bold dashed line in Fig. 6a ). The changes in SSS govern this transition; the density changes due to SST are much smaller. In general, the water density is much more sensitive to salinity than to temperature in such cold conditions. However, the surface waters already freshen significantly prior to the transition. What causes this freshening? Figure 7 shows the time series of the total salinity reduction defined as the SSS difference between June and October (S Oct -S Jun , black line) together with the three major contributors causing the reduction: net precipitation [precipitation minus evaporation (P -E), DS P-E ], sea ice melt (DS ice ), and inflow of ambient waters (DS inflow ). The freshwater fluxes are transformed into salinity changes considering a water column of 40 m, which is the average depth of the summer mixed layer in the convection region. Although the inflow of fresher ambient waters into the convection region (Fig. 7 , gray line) contributes about 20 % to the freshening during austral summer, it does not drive any major variability. Adding the contribution of P -E (Fig. 7 , blue line) clearly shows that net precipitation dominates the interannual to decadal variations of the SSS reduction during summer. However, there is no significant P -E anomaly prior to the regime shift (years -30 to 0). Instead, the melt of sea ice re-entering the convection area and-to a much smaller extent-an enhanced inflow of ambient waters provide the additional freshening that occurs during the 10 years before the regime shift (Fig. 7, red line) . We note that although sea ice melt occurs in spring, it provides an important preconditioning of the surface waters (left tilting of the right upward branch of the orange annual cycle in Fig. 6a ), while horizontal mixing with ambient waters causes anomalous freshening during summer. It is noteworthy that the SSS of the waters surrounding the convection site is lower by 0.2-0.3 psu on average. Finally, during the year of the transition, P -E peaks in fall helping to maximize the decrease in SSS just before winter deep convection could have resumed (Fig. 7) . Once the supply of warmer and saltier waters from mid-depth ceases, the mixed layer quickly cools to the freezing point (marked by the horizontal dashed blue line in Fig. 6a ) and freshens further. While the ultimate reason for the convection shutdown is the depletion of the heat reservoir at mid depth (Fig. 3a) , it is the additional surface freshening in response to sea ice melt that finally causes the convection to stop.
We now take a closer look at the transition in EXP which features thicker sea ice than REF. Figure 6b (Fig. 6b ). This is due to the thicker sea ice cover requiring more energy and time to melt in spring.
As soon as the heat reservoir at mid-depth is depleted, the MLD begins to decline. The potential temperatures at 1,500 m depth and the sea surface draw level 60-70 years prior to the regime shift, while diverging thereafter (Fig. 8) . The SST begins to decrease and not enough heat is available anymore to keep the ocean ice-free in EXP. Growing sea ice coverage reduces the heat flux to the atmosphere during austral winter, thereby further weakening deep convection (Fig. 8) . At about year -40, we observe a de-coupling of the temperature at 100 m depth from that at 1,500 m (not shown), which can be interpreted as a tipping point: the annual SST-SSS cycles in Fig. 6b begin to divert from the blue climatology. The strong tilt to the left (e.g., bold dashed orange line) clearly indicates the early influence of sea ice melt on the shutdown process in EXP. Besides the summer freshening it is also the continuous cooling of the upper ocean which finally shapes the new regime without convection (bold dashed red line).
What determines the location of the deep convection?
The open ocean deep convection is essentially due to the inflow of warm North Atlantic Deep Water (NADW) into the Atlantic-Indian Ocean Basin at mid-depth. The westward return flow in the southern part of the Weddell Gyre effectively transports heat into the Weddell Sea where it is eventually ''trapped'' in the gyre circulation. Here the deep convection can take place. The deep convection itself is also associated with a strong local cyclonic gyre located within the Weddell Gyre (Fig. 9 ). This local cyclonic circulation exists over almost the entire water column and drags the warm water into the convection cell. Most importantly, the gyre circulation persists through the nonconvective regime (center panel of Fig. 9 ) below *100 m and thus continues to support the inflow of warmer water from the East and the doming of the isopycnals (Fig. 9 shows isotherms). The pycnocline is located at a depth of just 50-100 m. This enables tapping of the heat reservoir by intense surface mixing events. The persistence of the gyre circulation can be inferred from the 0 cm/s current speed contour which does not change its location in all three phases shown in Fig. 9 . Therefore, the persistent local gyre circulation in the Weddell Gyre favors the reemergence of the deep convection at about the same location where it appeared prior to the deep convection shut down. Hence, the deep convection does not necessarily occur first where there is the most heat accumulated at mid-depth. It is rather initiated where (1) the density difference between the surface and the depth of maximum temperature is smallest, (2) the warmest water is closest to the surface, and (3) the sea ice concentration is lowest. Because a dense sea ice cover inhibits deep convection, the latter often appears first at the Weddell Sea's northern sea ice edge where there are also stronger winds, which cause deeper surface mixing. There, the initial convection cell is rather shallow extending to a depth of only less than 300 m. Its center then expands or quickly moves southward into the central Weddell Sea, until it is located over the heat content maximum in the center of the cyclonic gyre which persisted from the previous convective regime.
Again, this local cyclonic gyre resides within the much more extensive Weddell Gyre.
Where does the heat at mid-depth come from?
The deep convection drives a very large heat flux from the ocean to the atmosphere. During austral winters with deep convection, the heat release in the convection region amounts to about 2 PW. It reduces to 1 PW and 0.8 PW during the non-convective regime in REF and EXP, respectively. While the maximum heat flux of 120 W/m 2 occurs in August during the convective regime, the maximum during the non-convective regime amounting to 75 W/m 2 is simulated in May. The total oceanic heat loss at the convection site is up to 3.4 9 10 6 J/m 3 (Fig. 10 ). The heat supplied by the ocean is quickly redistributed by dynamical processes in the atmosphere leading to a globalscale response which is discussed in . The deep convection leads to a heat depletion in the entire Atlantic-Indian Ocean Basin (Fig. 10) . The heat loss even extends northward into the Argentine Basin in the South Atlantic and the Crozet Basin in the Indian Ocean. The heat content reduction is related to the bathymetry (gray line in Fig. 10 depicts 3 ,000 m depth), which suggests that the heat is coming from the deep ocean. The large spatial extent of the oceanic heat loss and its local intensity is very similar in both simulations (Fig. 10 shows the results for EXP only). Figure 11 shows the time series of ocean heat content in the Atlantic-Indian Ocean Basin from the two simulations. In this region the ocean is generally warmer in EXP than in REF. The total heat content in EXP ranges from 149.46 9 10 24 to 149.57 9 10 24 J, whereas the total heat content varies between 149.37 9 10 24 and 149.52 9 10 24 J in REF. Therefore the sea level in the South Atlantic sector is higher by 17 cm on average in EXP. By splitting the heat content into an upper part (0-1,000 m) and a mid to deep part (1,000 m to the seafloor) we can infer that the deeper ocean loses and the upper ocean gains heat during the convective regime and vice versa. While the ocean contains more heat in EXP, the greater variation of the heat content is found in REF, in which the deeper ocean loses 50 % more heat during the more persistent convective regime (Fig. 10b, d ). This difference in heat loss is rather small considering the relatively short spells of open ocean deep convection in EXP. The major heat loss occurs during the first 1-2 decades of the convective regime in both simulations (Fig. 11) .
The heat content of the mid and deep ocean follows an exponential decline in REF (Fig. 11b) . The convective regime persists for long enough so that an equilibrium minimum can be reached after 150-200 years. As soon as the deep convection ceases, the heat content in the Atlantic-Indian Ocean Basin below 1,000 m rapidly rises within the first 50 years after the convection shutdown. During this early phase, about 80 % of the total heat loss of about 0.12 9 10 24 J is regained. In contrast, in EXP, both the heat loss during the convective regime and the heat gain during the recharge process follow an almost linear evolution (Fig. 11d) -apart from the first 200 years which are influenced by model spin-up after changing the sea ice parameterization (see Sect. 2).
Most of the heat lost during the deep convection is imported into the convection cell by the westward return flow of the Weddell Gyre (dashed black lines on the left in each panel of Fig. 9 ). The strength of the return flow is closely related to the deep convection itself. During deep convection, the return flow transport varies between 60 and 75 Sv, which compares well to the observational estimate of 66 Sv by Schroeder and Fahrbach (1999) . During the non-convective regime, the transport reduces to about 40 Sv. Most shutdown events occur during phases of a weak return flow. After deep convection resumes, it takes 30-50 years for the return flow to rise monotonically to a brief maximum of 82 Sv (not shown).
How does the deep convection affect the AMOC?
The deep convection variability in the Weddell Sea also affects the AMOC. Three circulation indices were defined. We use the maximum of the zonal mean overturning stream function in the Atlantic at 30°N and 30°S as a measure for the strength of the AMOC and of the southward outflow of North Atlantic Deep Water (NADW), respectively. The stream function at 30°S also features a The amount of northward flowing bottom water is tied to the deep convection activity in the Weddell Sea. In both simulations, the shutdown of the deep convection yields an instant decline in the northward transport of bottom water measured by means of the global overturning stream function at 50°S and 3,000 m depth (not shown), whereas its onset causes an increase. The northward transport of AABW in the Atlantic at 30°S reaches a maximum of 6 Sv (REF) to 8 Sv (EXP) at the end of the convective regime (blue lines in Fig. 12 ). While the bottom water flow decreases to less than 1 Sv in REF, a minimal flow of *3 Sv is maintained in EXP. The non-convective periods last much longer in EXP than in REF. Consequently, the AABW transport reaches an equilibrium before the onset of the convective regime in EXP. In contrast, the bottom flow equilibrates at high values during the longer lasting convective regime in REF. At 30°S both, the decrease in AABW transport after convection shutdown and its increase after convection onset are delayed related to the great distance from the convection site.
While the northward AABW transport decreases the southward NADW transport at 30°S and-with some delay-at 30°N increases (red and black lines in Fig. 12) . Swingedouw et al. (2009) refer to this phenomenon as the bipolar ocean seesaw and explain it by the downward shift of the isopycnals in the South Atlantic due to a reduced production of AABW in their transient water-hosing CGCM experiments. The lack of such a downward shift in the North Atlantic causes an anomalous density gradient that increases the southward NADW transport in the entire Atlantic.
Additional to the effects at depth, the shutdown, which is initiated by a freshwater accumulation at the surface, reduces the surface salinity even further lacking the entrainment of saltier water from mid-depth. The freshening signal, reflected in negative salinity anomalies, propagates northward in the Atlantic and reaches the subpolar North Atlantic deep convection region about 80 years later (not shown). This weakens the NADW formation, which is also consistent with the study of Swingedouw et al. (2009) . At 30°N the NADW transport quickly decreases by 4 Sv within 20 years, the decrease at 30°S lags by about 20 years. In total, it takes *130 years before the AMOC settles back into its state that prevailed before the shutdown of deep convection in the Weddell Sea. In REF, the reduction in NADW transport associated with the surface freshening effect roughly coincides with the deep convection onset (Fig. 12a) . Both these processes weaken the southward flow and their individual impact is hardly distinguishable in REF. The greater extent of the non-convective regime in EXP enables us to recognize these two processes as separate effects. In Fig. 12b we see a reduction in NADW transport about 80 years into the non-convective regime associated with the arrival of the surface freshening in the northern North Atlantic and another decline of NADW transport caused by the increase in AABW transport, which is a result of the reinstalled deep convection in the South. The centennial timescale in AMOC variability of about 130 years, which is associated with the convection shutdown, thus evolves independently of the regime shift back to the convective state in the Weddell Sea.
In REF, the deep AABW overturning cell sufficiently weakens during the non-convective regime, enabling southward flow below 3,000 m in some locations. A fraction of the NADW can thus flow southward below the sill depth of Drake Passage and underneath the Antarctic Circumpolar Current (ACC). This reduces the heat loss by mixing processes and enables a more direct import of heat into the convection region south of the ACC. Moreover, the ACC strength, as measured by the transport through Drake Passage, is decreased during the non-convective regime by about 20 Sv, which holds for both simulations (not shown). However, the ACC is generally stronger in EXP whereas the westward return flow, which feeds into the southern limb of the Weddell Gyre, is weaker than in REF. In total, this leads to a faster recharge of the heat reservoir in the convection region in REF (see Fig. 11b, d ). The rate of heat content increase during the recharge process is twice as high in REF (1.9 9 10 21 J/year) than in EXP (0.9 9 10 21 J/year). The increase in ACC strength during the convective regime is due to the impact of the deep convection on the atmospheric and oceanic pressure gradients across the ACC. In the ocean, the convection causes the isopycnals to strongly rise south of the ACC adding to the Ekman driven upwelling. The large heat flux into the atmosphere causes lower surface air pressure in the same region. This is associated with an 8 hPa (20 %) increase of the sea level pressure gradient across the ACC and stronger surface westerlies along the current.
The variations in AABW production and sea surface salinity associated with the quasi-periodic oscillation of the deep convection in the Weddell Sea directly affects the AMOC. Consequently, the multi-centennial variability of the deep convection is also found in the strength of the AMOC. This link explains the relationship between the AMOC variability and the Southern Ocean sea ice concentration at these long timescales found by Park and Latif (2008) .
Discussion
We have described here the multi-centennial variability (MCV) simulated in two control integrations of the Kiel Climate Model (KCM), in which the state of the Antarctic sea ice cover significantly differs. The MCV is related in both simulations to the deep convection in the Weddell Sea, which strongly impacts the global thermohaline circulation and thus global surface climate. The mechanism is explained by a recharge cycle and the competing roles of heat accumulation at mid-depth-through North Atlantic Deep Water (NADW)-and freshening at the surface on the buoyancy of the water column. Such a picture has been suggested previously by Pierce et al. (1995) . They analyzed uncoupled integrations of an OGCM under mixed boundary conditions. The recharge mechanism in KCM also shares some aspects with that described by Yin and Sarachik (1995) analyzing an idealized OGCM. They have reported that horizontal advective heat transports from the subtropical region warm the subsurface water in the subpolar region, destabilize the water column, and thereby enhance convection in their model. However, the mechanism proposed here is more complex and also assigns an important role to sea ice and ocean-atmosphere feedbacks. Sea ice plays a particularly important role in our two simulations differing in Southern Hemisphere sea ice area and thickness. Sea ice melt enables the shutdown process of the deep convection to happen more rapidly, whereas Pierce et al. (1995) describe a rather slow accumulation of a freshwater cap until deeper waters are no longer buoyant enough to reach the surface. It is interesting to compare the atmospheric influence in our fully coupled CGCM simulations to the OGCM runs with mixed boundary conditions. While the models of Pierce et al. (1995) and Yin and Sarachik (1995) are relaxed to surface air temperatures and apply a net freshwater flux diagnosed from a reference run, in which sea surface salinity is relaxed to observations, no flux corrections are applied in KCM and ocean-atmosphere interactions are unconstrained.
Let us take a closer look at the buoyancy fluxes south of 60°S. Pierce et al. (1995) relate the potential of the real oceans to feature deep convection oscillations to ''the particular heat and freshwater fluxes that drive the earth's ocean''. The oceanic southward heat transport across 60°S in their model amounts to 1.5 PW which is at the upper end of the observational estimates. Our simulations yield smaller values of 1.08 PW and 1.24 PW (REF) and 0.99 PW and 1.13 PW (EXP) for the non-convective and convective regimes, respectively. The net atmospheric freshwater flux (P -E) over the ocean south of 60°S in Pierce et al. (1995) is 2.6 9 10 -8 m/s; we find 1.49 9 10 -8 and 1.52 9 10 -8 m/s (REF) and 1.47 9 10 -8 and 1.49 9 10 -8 m/s (EXP) for the respective regime. Between the two regimes variations in heat transport amount to almost 10 % and are greater than those in atmospheric freshwater flux (\2 %). Thus, we hypothesize that the heat-driven part of the buoyancy flux times the oscillation rather than changes in net precipitation.
Further, Pierce et al. (1995) state that a ratio of the two buoyancy fluxes close to 1 ''is key to allowing the oscillations between convecting and non-convecting states''. Their model yields a ratio of 1.12, but we need to keep in mind that their P -E originates from the prescribed forcing. In contrast, we find ratios of 1.57-1.77 and 2.65-2.99 in REF and EXP, respectively. Although these ratios are considerably larger, two points should be noted: first, the ratio is smaller during the non-convective regime, during which the heat flux across 60°S is reduced, and second, REF featuring a greater southward heat transport and much more deep convection has much smaller ratios than EXP. Overall, P -E plays a less important role in enabling the oscillations in KCM. Rather it is P -E, sea ice melt, and horizontal mixing of surface waters that act together to shut down the deep convection. For the onset of deep convection the heat transport into the Southern Ocean at mid-depth is the crucial factor. This transport is relatively high with 1-1.2 PW in KCM compared to observational estimates and other models (citations in Pierce et al. 1995, Table 1; Trenberth and Caron 2001; Talley 2003; Volkov et al. 2010) , which favors the recharge mechanism.
The physics operating in KCM has some striking similarities with the processes that have been inferred from observations during the Weddell Polynya in the 1970s (see Fig. 1a for its location and extent). However, the deep convection is much more persistent in the model. Martinson et al. (1981) weigh various mechanisms that could result in the formation and recurrence of the Weddell Polynya such as divergent wind motion, an idea furthered by Parkinson (1983) , upwelling of warm water (e.g., Carsey 1980) , and convective processes. They doubt that the first two processes could have initiated the polynya, although they may have been important to maintain it. Instead, Martinson et al. (1981) suggest that some preconditioning raised the pycnocline-which separates the warm and salty lower layer from the cold and fresh upper layer-so that the anomalously shallow (*150-250 m) upper layer could gain enough density to trigger overturning bringing up heat to the surface during austral winter. They reason that due to its greater volume the lower water mass will dominate the properties of the new mixed water mass. During summer, increased freshwater input at the surface would again stabilize the water column. Martinson et al. (1981) assume that horizontal advection has less than 5 % effect on the heat budget and hence consider the process to be purely vertical. They also state that ''the mechanism tends to be self-sustaining; overturning in a polynya year serves to precondition the area for the following year''. Strong new ice formation partially led to a closing of the polynya. In Martinson's model, however, the density gain at the surface due to brine rejection seems to play a more important role than in KCM, where overturning is almost entirely triggered by buoyancy gain through the warming at mid-depth. Although Martinson et al. (1981) did not specify the preconditioning which leads to the doming of the pycnocline in the polynya region, it is likely forced by the accumulation of much warmer waters at mid-depth rather than Ekman driven upwelling, which should be strongest in the center of the Weddell Gyre away from the polynya region. Holland (2001) presented a completely different cause for the reemergence of the Weddell Polynya at the very same location: the Maud Rise seamount can effectively create cyclonic eddies which force divergent sea ice motion forming a polynya. Such effects are not resolved in our model.
In order to assess whether the Weddell Polynya during the 1970s is evidence for a realistic representation of open ocean deep convection in KCM, we need to compare the results with observations. We begin with sea ice. Figure 1b depicts the sea ice edge climatologies in REF and EXP. By comparing these to the satellite-derived sea ice edge positions shown in Fig. 1a , we infer that both simulations are largely consistent with the data. One exception is the Weddell Sea region; REF (featuring deep convection) has too little sea ice extent, while EXP (where deep convection occurs more sporadically) has slightly too much sea ice. The increased thickness and reduced compactness of the ice cover in EXP, however, are more realistic.
The main driver of the deep convection and multi-centennial variability in KCM is the heat reservoir at middepth and its recharge process. Robertson et al. (2002) based on a collection of CTD stations and bottle data report a heat depletion after the occurrence of the Weddell Polynya and a subsequent recovery. The Warm Deep Water (WDW) had its coldest temperature and deepest core location during and after the Weddell Polynya. The WDW resides between 200 and 800 m and is characterized by a potential temperature of 0.0-1.0°C and a salinity range of 34.6-34.75 psu. Although residing deeper and filling a grater space, the central water mass at mid-depth in our model has similar characteristics as the WDW (Fig. 6 , blue and red crosses). Robertson et al. (2002) also found a warming of WDW potential temperature of 0.012°C per year for the period 1970-2000 succeeding the Weddell Polynya. Moreover, the location of the temperature maximum rose by 200-300 m indicating a general gain of heat content in the WDW water mass during this period. The recovery of the full difference of *1.2°C between regimes with and without deep convection would then take about 100 years, which is of the same order of magnitude as the recharge process in KCM.
KCM provides estimates of the air-sea heat and freshwater exchange during oceanic deep convection. This can be compared with the surface fluxes during the Weddell Polynya reconstructed by Moore et al. (2002) . As stated above, the maximum monthly mean heat flux to the atmosphere increases from 75 to 120 W/m 2 and shifts from May to August when deep convection occurs. Moore et al. (2002) describe a larger increase: from about 40 to 140 W/ m 2 . Regarding the freshwater flux KCM features a pronounced change in the seasonal cycle of P -E in austral winter due to the convection, a reduction of 0.6 mm/day. However, favoring precipitation over evaporation the model maintains a positive P -E of 0.5 mm/day whereas Moore et al. (2002) estimated -0.5 mm/day, i.e. dominating evaporation. At least the heat flux during the convective regime, the net precipitation during the nonconvective regime, and the change in the annual cycle of heat and freshwater fluxes between regimes are realistically captured by KCM. The greater heat flux during the nonconvective regime in KCM can be linked to the sea ice climatology, with thinner (REF) or less compact (EXP) sea ice than observed.
Conclusions
Strong oscillations of open ocean deep convection between two extreme regimes, one with and the other without convection in the Southern Ocean, are found in two extendedrange simulations with the Kiel Climate Model, a coupled atmosphere-ocean-sea ice general circulation model. The ultimate driver of these oscillations is a varying oceanic heat content in the Atlantic sector of the Southern Ocean. The associated cycle consists of a slow accumulation of heat at mid-depth during the non-convective regime and a quick release of this heat to the atmosphere when deep convection occurs. The heat reservoir at mid-depth extends over the entire Atlantic-Indian Ocean basin and is supplied by the relatively warm deep water from the North Atlantic (NADW). Various factors contribute to the formation of the multi-centennial variability found, for instance, in the AMOC and global average surface temperature: (1) a decrease in northward bottom water flow due to the collapse of Southern Ocean deep convection, which causes the southward NADW flow to increase (the bipolar ocean seesaw), (2) a delayed reduction in NADW formation due to the collapse-related freshening signal propagating from the Weddell Sea to the North Atlantic, (3) a multi-decadal recharge process of the Southern Ocean heat content by the inflow of NADW, (4) the weakening of the westward return flow in the Weddell Gyre during the non-convective regime slowing though still supporting the accumulation of heat in the Weddell Sea, and (5) stochastically enhanced precipitation and sea ice melt in the convection region forming the freshwater lid that shuts down the deep convection.
The two simulations, which differ only in the parameterization of sea ice formation, reveal that sea ice climatology has an important influence on the characteristics of the deep convection oscillation. The first experiment features a rather thin sea ice cover and a mean state with open ocean deep convection during most times which shuts down quasi-periodically every 300-500 years for 20-80 years. Here, the shutdown requires a freshwater cap which is linked to sea ice melt. In contrast, the second simulation has a thicker and more extensive sea ice cover, and deep convection occurs less often. Now it is the deep convection which occurs quasi-periodically with a multicentennial period and lasts for about 20-100 years. In this case, the heat rising from mid-depth is first used to form a sensible heat-polynya (and to maintain it), before the heat flux to the atmosphere becomes great enough to spur the deep convection.
The oscillation of the deep convection in the Weddell Sea affects global climate, which can be readily seen in the globally averaged surface air temperature. The signal's footprint on the surface air temperature, however, has significant regional variation (Park and Latif 2008) . Furthermore, the Southern Ocean sea ice extent and heat content, the Antarctic Circumpolar Current (ACC) strength, the strength of the AMOC, the intensity of deep convection in the subpolar North Atlantic, and the sea level in the North Atlantic are affected (not shown). However, we did not investigate here how a varying NADW formation rate affects the deep convection oscillation in the Southern Ocean. We find also evidence for coupled feedbacks. The multi-centennial signal, which originates in the ocean, can be communicated into the atmosphere. The intensification of surface winds over the ACC is an example.
Early satellite observations of the Antarctic sea ice cover prove that large-scale open ocean polynyas can exist in nature over several years. Our study provides a mechanism for the possible reemergence of such a polynya and its global linkages. We note, however, that polynyas in our coarse-resolution model are much larger in extent. Future work will include the investigation of paleo-records for evidence of multi-centennial climate variability driven by processes in the Southern Ocean and the implications of the latter for global warming.
